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The active-layer hydrology of a peat plateau with thawing permafrost
(Scotty Creek, Canada)
W. L. Quinton & J. L. Baltzer
Abstract The southern margin of permafrost is experiencing unprecedented rates of thaw, yet the effect of this
thaw on northern water resources is poorly understood.
The hydrology of the active layer on a thawing peat
plateau in the wetland-dominated zone of discontinuous
permafrost was studied at Scotty Creek, Northwest
Territories (Canada), from 2001 to 2010. Two distinct
and seasonally characteristic levels of unfrozen moisture
were evident in the 0.7-m active layer. Over-winter
moisture migration produced a zone of high ice content
near the ground surface. The runoff response of a plateau
depends on which of the three distinct zones of hydraulic
conductivity the water table is displaced into. The
moisture and temperature of the active layer steadily rose
with each year, with the largest increases close to the
ground surface. Permafrost thaw reduced subsurface
runoff by (1) lowering the hydraulic gradient, (2)
thickening the active layer and, most importantly, (3)
reducing the surface area of the plateau. By 2010, the
cumulative permafrost thaw had reduced plateau runoff to
47% of what it would have been had there been no change
in hydraulic gradient, active layer thickness and plateau
surface area over the decade.
Keywords Permafrost I Hydrology I Wetlands I Runoff I
Canada

Introduction
North-western Canada is one of the most rapidly warming
regions on Earth (Johannessen et al. 2004), and permafrost
thaw is one of the most important and dramatic manifestations of climate warming in this region (Jorgenson et al.
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2010). While permafrost thaw occurs in varying degrees
throughout the North, it is the southern boundary of
permafrost where the rates of thaw are the greatest. For
example, 30–65 % of permafrost on the southern margins
of the discontinuous zone in north-western Canada has
degraded over the last 100–150 years (Beilman and
Robinson; 2003), with rates of degradation increasing in
recent decades (e.g. Lantz and Kokelj 2008; Quinton et al.
2011). Moreover the southern boundary itself migrated
northward by about 120 km between 1964 and 1990
(Kwong and Gan; 1994). As part of the Kwong and Gan
(1994) study, a detailed trend analyses was conducted
which demonstrated that the disappearance of permafrost
is largely the result of climate warming, that the region
experienced a general warming trend for the period 1949–
1989, and that this warming was most prominent in the
minimum temperature series. The high rate of migration
reported by Kwong and Gan (1994) is possible because
the permafrost of this region is (1) discontinuous, and
therefore its thaw is driven by both horizontal heat ﬂows
from the permafrost edges and vertical heat ﬂows from the
ground surface; (2) relatively warm, and therefore the
energy required for permafrost thaw is lower than at
higher latitudes; and (3) relatively thin (<10 m).
Region-wide warming on the spatial and temporal scale
identiﬁed by Kwong and Gan (1994) has brought about
system-wide responses as described by Rowland et al.
(2010). One such response is a signiﬁcant expansion of
permafrost-free terrain over the last several decades along
the southern permafrost boundary (e.g. Thie 1974; Beilman and Robinson 2003) where ice-rich permafrost in the
form of tree-covered peat plateaus occurs as islands within
a wetland-dominated treeless terrain of ﬂat bogs, channel
fens and other wetlands. Climate warming has introduced
an imbalance to the cycle of permafrost aggradation and
degradation described by Zoltai (1993) such that permafrost degradation and wetland formation is favoured. As
permafrost thaws, the plateau ground surfaces subside and
become engulfed by their neighbouring wetlands (Jorgenson and Osterkamp 2005), so through this process,
permafrost thaw also results in the transformation of
forested areas into treeless, permafrost-free wetlands.
Considering that permafrost exerts a primary control on
local hydrological processes (Woo 1986), permafrost
disappearance has potentially profound implications to
the ﬂux and storage of water at local and basin scales. For
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example, permafrost limits the amount of inﬁltration to
that which can be stored in the active (i.e. seasonally
thawed) layer, and severely restricts hydrological interaction between near-surface supra-permafrost water and
deep sub-permafrost groundwater. Permafrost also inﬂuences water storage and drainage patterns by physically
supporting the active layer and by inﬂuencing its
temperature, moisture, surface micro-topography, vegetation, snow cover and other factors (Jorgenson and
Osterkamp 2005). Permafrost thaw is therefore transforming the surface and subsurface energy balance and
ecology of the discontinuous permafrost region (Rawlins
et al. 2009). There are also strong indications that
permafrost thaw and disappearance are changing the
region’s hydrology. For example, the discharge from
subarctic rivers in north-western Canada has increased in
recent decades, particularly during low-ﬂow periods (St.
Jacques and Sauchyn 2009). However, the present ability
to account for rising stream ﬂows and capacity to predict
ﬂow variations is severely restricted by a limited understanding of the water ﬂow and storage processes at the
headwaters, and possible feedback processes during
permafrost thaw that may inﬂuence them. This places
considerable uncertainty about the future of water resources in the region.
In response to this uncertainty and the deﬁciencies of
knowledge giving rise to it, the present study aims to
increase the understanding of the fundamental properties
and processes controlling the ﬂow and storage of water in
the headwaters of a wetland-dominated basin typical of
the southern margin of the discontinuous permafrost zone.
Speciﬁcally, the aim is to improve the understanding of
the hydraulic response of peat plateaus and how it varies
over a season as the active layer thaws, and over interannual periods as the permafrost beneath them thaws and
disappears. For the latter, the permafrost thaw-induced
ground surface subsidence, increased active layer thickness and reduced plateau surface area will be examined.
Therefore the objectives of this paper are to examine (1)
the thermo-physical properties of the active layer that
control the hydraulic response of a peat plateau; and (2)
how the permafrost thaw observed at the same plateau
over the period 2001–2010 affects the (a) active layer
properties and (b) subsurface runoff to an adjacent channel
fen. Such an examination of fundamental properties and
processes in the headwaters is a critical ﬁrst step toward
improving the capacity to predict the inﬂuence of ongoing permafrost thaw on the hydrology and water
resources of the region.

Study site and background
Site description
Scotty Creek (61°18′ N, 121°18′ W) is a 152 km2 drainage
basin that lies 50 km south of Fort Simpson in the lower
Liard River valley of the Northwest Territories, Canada
(Fig. 1a), where the landscape is dominated by both
discontinuous permafrost (Hegginbottom and Radburn
Hydrogeology Journal (2013) 21: 201–220

1992) and peatland complexes typical of the ‘continental
high boreal’ wetland region (NWWG 1988). As such,
Scotty Creek is also typical of the southern extent of
permafrost where the large thermal offset created by dry,
insulating peat preserves isolated patches of permafrost in
the form of raised peat plateaus (Robinson and Moore
2000; Smith and Riseborough 2002). The Fort Simpson
region has a dry continental climate with short, dry
summers and long, cold winters. It has an average
(1971–2000) annual air temperature of −3.2 °C, and
receives 369 mm of precipitation annually, of which 46 %
is snow (MSC 2011). Snowmelt usually commences in the
second half of March and continues throughout most of
April so that by May, only small amounts of snow remain
(Hamlin et al. 1998). The Scotty Creek drainage basin is
covered by 3–4 m of peat overlying a thick clay to siltclay deposit of low permeability (Aylesworth and Kettles
2000).

Hydrological function of major ground cover types
Remotely sensed data and ground observations at Scotty
Creek indicate that several of the major peatland types
along the southern boundary of permafrost have a speciﬁc
hydrological function in the basin water balance. Peat
plateaus have a limited capacity to store water, a relatively
large snowmelt water supply and hydraulic gradients that
direct excess water into adjacent permafrost-free wetlands
(Wright et al. 2009). As such, the plateaus function
primarily as runoff generators. Plateaus also obstruct and
redirect water movement in adjacent wetlands since the
open water surfaces of the latter occupy an elevation
below the permafrost table. Bogs are primarily water
storage features since they are surrounded by raised
permafrost and therefore less able to exchange surface
and near-surface ﬂows with the basin drainage network.
Unlike the bogs, channel fens conduct surface and nearsurface ﬂows along their broad, hydraulically rough
channels; and, as such, an important function of these
features is the lateral conveyance of water toward the
basin outlet (Quinton et al. 2003).

Permafrost thaw
Field monitoring of permafrost thaw at Scotty Creek
began in 1999 with measurements along a ∼40-m transect
that traversed the southern tip of a ∼0.08-km2 peat plateau,
between a channel fen on the west side of the plateau, and
a ﬂat bog on the east (Fig. 1b). Along this transect, thaw
depth was measured at 1-m intervals by probing the
ground with a graduated steel rod, which readily detected
the top of the frozen, saturated peat (Wright et al. 2008).
From these measurements, the width of permafrost was
estimated as the distance between the points on either side
of the plateau where permafrost was undetectable by the
1.3-m probe at the end of each summer thaw period
(Quinton et al. 2011). Thaw of permafrost plateaus at
Scotty Creek is driven by both vertical and horizontal
energy ﬂows. The vertical loss of permafrost is
DOI 10.1007/s10040-012-0935-2
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Fig. 1 a The location of Scotty Creek within north-western Canada. b Oblique aerial photograph of the study plateau showing the location
of the measurement transect and its width of 33.0 m measured in September 2006, when the photograph was taken. c Change in permafrost
width and the average end-of-summer thaw depth for the period 1999–2010. SD is the standard deviation and N is the number of
observations. Modiﬁed from Quinton et al. (2011)

proportional to active layer thickening. The average depth
of thaw of the transect points by the end of summer (i.e.
late August to early September) increased by approximately 0.36 m between 1999 and 2010, with the greatest
increase in annual thaw depth occurring after 2004
(Fig. 1c). The vertical loss of permafrost since 1999 was
therefore also ∼0.36 m. For the same period, the
horizontal energy ﬂows from the adjacent bog and fen
are indicated by changes to the permafrost width. The
width of the permafrost body decreased from 41.6 m in
June 1999 to 23.0 m by September 2010 (Fig. 1c).
Permafrost thaw also led to subsidence of the plateau
ground surface. For example, over the period 2006–2009,
the ground-surface elevation of the transect points
subsided on average by 0.13 cm—standard deviation
(SD) 0 0.12 cm; Quinton et al. 2011). Permafrost loss is
not limited to this particular plateau but appears to be
widespread throughout the Scotty Creek drainage basin.
For example, the proportion of a 1-km2 area of interest
underlain by permafrost decreased from 70 to 43 %
between 1947 and 2008 (Quinton et al. 2011). Given the
contrasting hydrological functions of bogs, fens and
plateaus, the permafrost thaw-induced transformation of
one of these cover types into another, has direct
Hydrogeology Journal (2013) 21: 201–220

consequences to local water ﬂow and storage processes
in the vicinity of thawing plateaus, and potential consequences to the basin hydrograph (Quinton et al. 2003).

Active-layer properties
The soil proﬁle of plateaus at Scotty Creek contain a
relatively thin (∼0.1–0.2 m) upper, lightly decomposed
layer, overlying a darker layer in a more advanced state of
decomposition. With increasing depth, the bulk density
increases, while the porosity and average pore diameter
decrease (Quinton and Hayashi 2007). Vertical proﬁles of
saturated hydraulic conductivity (KS) measured on peat
plateaus exhibit uniformly high and uniformly low KS in
the upper and lower regions of the soil proﬁle respectively,
separated by a transition zone in which KS decreases
abruptly with depth (Quinton et al. 2008). The frost table
is the thawing front and the boundary between the
overlying thawed soil and underlying frozen soil. Although the exact position of the frost table in the soil
proﬁle is slightly different from the zero-degree isotherm
due to a freezing-point depression (FPD), this isotherm
serves as a good approximation of the frost table position
(Carey and Woo 2000), owing to the relatively small
DOI 10.1007/s10040-012-0935-2

Author's personal copy
204

magnitude of the FPD, and its depth-variation and
variation from year to year. During soil thawing, the soil
below the frost table is saturated or nearly saturated with
ice and a small amount of liquid water. As such, the frost
table is relatively impermeable to water, and represents the
bottom of the subsurface ﬂow zone—the thawed portion
of the saturated soil that conducts lateral subsurface ﬂow.
Subsurface drainage from peat plateaus to adjacent bogs
and fens, therefore, strongly depends on the depth of
ground thaw. When the subsurface ﬂow zone is near the
ground surface, the ﬂow rate is high, but as the soil thaws
(i.e. frost table lowers), the depth of this zone increases
and the subsurface ﬂow rate therefore declines (Fig. 2).
Analysis of ∼1-m-long soil cores from a peat plateau at
Scotty Creek indicated substantial over-winter increases in
volumetric soil moisture content, especially close to the
ground surface (Quinton et al. 2008). For example, at
0.1 m depth, the moisture content increased from 0.3
(volumetric moisture content) at freeze-up in 2002 to near
saturation (0.8) by late-winter, 2003. This suggests that
over-winter moisture redistribution within the active layer
can establish a near-saturated condition close to the
ground surface prior to the melt of the overlying
snowpack at the end of winter. Such a condition would
limit the amount of snowmelt inﬁltration and promote
rapid subsurface runoff from the plateau, since the
meltwater would be restricted to the near-surface zone
where the hydraulic conductivity is relatively high

(Fig. 2). At the time that the snow cover disappears, the
depth to the top of the saturated or near-saturated zone, is
typically 10 cm as determined by the depth to refusal
using the steel frost probe. For example, in late April and
early May, 2011, the depth to refusal was measured at 26
evenly spaced points on the measurement transect
(Fig. 1b) on the day that each became snow-free. The
average depth to refusal was 10.9 cm, SD06.5 cm,
number of observations (N)026. The relationship among
the depth to refusal, the thawing front and the zero-degree
isotherm at this initial time is unclear, as the 0–10 cm
depth zone is typically unsaturated and may contain small
ice fragments. Following this initial stage, the assumption
is made that the depth to refusal indicates the thawing
front depth and that the latter is approximated by the zerodegree isotherm (Hayashi et al. 2007).

Evaporation and runoff

In 2004 and 2005, the evaporative ﬂux was measured
daily using ﬁve evaporation pans (for standing water) and
10 soil lysimeters (see Laﬂeur and Schreader 1994) placed
throughout much of the ∼0.005 km2 area of the plateau
shown in Fig. 1b (Wright et al. 2008). The total daily
evapotranspiration (mm d−1) from the plateau was
computed as a weighted average based on the measured
evaporation and percent cover of moss, lichen and pools
on the plateau. For days when lysimeter data were

Fig. 2 a Depth variation of saturated horizontal hydraulic conductivity measured from tracer (KCl−) tests conducted at the site of the
present study, as well as at other organic-covered permafrost terrains in north-western Canada, as reported by Quinton et al. (2008). The
curve through the data is deﬁned by Eq. 7. The light and dark grey indicate the zones in which KS is uniformly high and uniformly low,
respectively. The schematic (b) indicates the decrease in the mean hydraulic conductivity of the saturated ﬂowzone with active layer thaw.
Modiﬁed from Quinton et al. (2008)
Hydrogeology Journal (2013) 21: 201–220
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unreliable due to rainfall, evapotranspiration (ET) from
the plateau ground surface was estimated using the
Priestley and Taylor (1972) method, with meteorological variables supplied by the meteorological tower and
the ground heat ﬂux computed from the thermocalimetric method described in Hayashi et al. (2007),
using the temperature and moisture measurements at
the Centre pit (Fig. 1b). The evaporative ﬂux from the
trees was not accounted for by Wright et al. (2008)
and, as such, the ET estimate reported by Wright et al.
(2008) was underestimated. However, the magnitude of
the underestimate was thought to be relatively small
owing to the much lower stand density than those
studied in the southern boreal forest (e.g. Arain et al.
2003). The mean daily ET from the plateau weighted
by the proportion of moss, lichen and pools was 1.4±
0.5 mm in the 2004 and 1.5±0.5 mm in the 2005
study period. The cumulative weighted ET was 56 mm
±8 mm by 4 June 2004; and 67 mm ±6 mm by 8 June
2005 (Wright et al. 2008). The average value of the
Priestley and Taylor α coefﬁcient weighted by the
relative proportion of the major cover types on the
plateau, ranged from 0.68 to 0.91. Using the ET ﬂux
data provided by Wright et al. (2008), and raising the
α value to 1.0 so that the ﬂux increases to the
equilibrium rate, runoff from the plateau would still
exceed ET by at least a factor of 2.5.
Wright et al. (2008) also derived estimates of
subsurface runoff from the plateau from the water
balance using measurements at the Centre pit (Fig. 1b).
To corroborate the water-balance-based runoff calculations, the authors estimated sub-surface runoff independently from the hydraulic gradient and conductivity
using the Dupuit-Forchheimer approximation (Childs
1971). From the water-balance method, the total runoff
was 238 mm ±71 mm by 4 June 2004; and 213 mm±
64 mm by 8 June 2005. For the same periods, the
independent estimate indicated similar values: 175 mm
in 2004 and 196 mm in 2005. The study by Wright et
al. (2008) is important to the present study because it
demonstrated that (1) the magnitude of ET is relatively
small compared with runoff, i.e. R was 3.1–4.3 times
greater than ET in 2004, and 2.9–3.2 times greater in
2005; and (2) reasonable estimate of subsurface runoff
from the plateau can be achieved from careful waterbalance computations.

Methodology
Direct runoff measurements were attempted numerous
times at the study site using several designs of weirs and
other ﬂow conveyance structures, however in each case,
the effects of icing led to ﬂow breaches in the structure
and consequently there was little conﬁdence that these
attempts produced reliable measurements of runoff for
more than a just few days. This study therefore used the
indirect methods of water-balance computation and model
simulation to derive runoff. Both indirect methods
Hydrogeology Journal (2013) 21: 201–220

required the subsurface and meteorological instrumentation and measurements described below.

Subsurface measurements
The Centre pit (Fig. 1b) was excavated to the bottom of
the thawed layer on 20 August 2001 so that soil sensors
could be installed in proﬁle. At the time of installation, the
depth of thaw was 0.7 m, and the thermistors (Campbell
Scientiﬁc, 107) were installed at 0.05, 0.1, 0.15, 0.2, 0.25,
0.3, 0.4, 0.5, 0.6, and 0.7 m depths. Water-content
reﬂectometers (Campbell Scientiﬁc, CS615) were inserted
horizontally at depths of 0.1, 0.2, 0.3, and 0.4 m. These
sensors were calibrated using the water content of peat
samples collected at the time of installation and measured
gravimetrically (Quinton et al. 2005). A 92-cm3 soil
sample was taken next to each of the water-content meters
at the time the sensors were installed in order to measure
the soil porosity and bulk density following standard
methods (Hoag and Price 1997). High-density PVC
sample core tubes (inner diameter00.15 m, length0
0.4 m) were inserted horizontally into the pit face at
0.09, 0.26, 0.29 and 0.37 m depths, in order to measure
the variation in drainable porosity with depth. For each
soil-sample core, the drainable porosity was measured as
the ratio of the volume of water that freely drained from
the sample to the volume of the soil sample (Quinton and
Gray 2003). A PVC well with a 0.2-m inner diameter, was
installed to the base of the thawed layer and equipped with
a WL16 pressure transducer (Global Water) for monitoring the elevation of the water table. Following the
installation of the sensors, the pit was backﬁlled with the
excavated material, while preserving the original layering
and groundcover as much as possible.
The study of Wright et al. (2008) evaluated how well
the Centre pit represents the soil-moisture conditions of
the plateau, by measuring the moisture content of the
thawed portion of the active layer measured at 15
sampling points for 25 days in 2005 and comparing it
with the moisture content of the Centre pit. The 15 points
were located throughout the 0.005 km2 portion of the
study plateau shown in Fig. 1b. All measurements were
within 1 m of the ﬂagged point although their exact
locations varied slightly to minimise disturbance, since the
moisture content was measured gravimetrically by extracting 162-cm3 soil samples at 0.05-m depth increments
between the ground surface and the water table. The depth
to the water table and frost table were also measured daily
at each sampling point, with a ruler and graduated steel
rod. The daily standard deviation of the total unfrozen
moisture depth measured below each of the 15 sampling
points varied between 31 and 96 mm, indicating a
relatively high spatial variation of moisture storage on
the plateau. Wright et al. (2008) compared the sum of the
average total change in liquid water content of the 15
points for the 25 measurement days (47 mm) with the total
change in liquid water content at the Centre pit for the
same 25 days (44 mm) and concluded that the soil
moisture content measured at the Centre pit represents the
DOI 10.1007/s10040-012-0935-2
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average moisture conditions of the overall plateau reasonably
well.

Meteorological measurements
Air temperature was measured near the Centre pit in 2003
and at a meteorological station located between the two
pits in 2004 and 2005 using a thermistor housed in a Gill
radiation shield. Air temperature was measured using a
Campbell Scientiﬁc 107B thermistor in a Gill shield, and
ground-surface temperature was measured using an
infrared thermocouple (IRT) sensor (Apogee Instruments,
IRTS-P) located at a height of 1.5-m above the ground.
Snow depth was measured with a Campbell Scientiﬁc
SR50 sonic sensor. The above measurements were made
near the Centre pit prior to August 2003. Since then,
measurements have been made from a meteorological
station located roughly mid-way between the two pits. All
sensors were connected to dataloggers (Campbell Scientiﬁc, CR10X), programmed to measure every minute and
record half-hourly averaged values. A tipping-bucket rain
gauge (0.2 m diameter, 0.35 m height) calibrated to
0.25 mm per tip was used to obtain a continuous record of
rainfall input to the plateau ground surface. All sensors
were connected to Campbell Scientiﬁc CR10X dataloggers, programmed to measure every minute and
averaged and recorded every 30 min.

Water-balance computation of plateau runoff
Annual water balances were computed for each year for
the period 1 September to 1 September, beginning in
2001, with the exception of 2009 when equipment failure
resulted in loss of data needed for the computations. The
present study used the same methods of ﬁeld measurement
and computation used by Wright et al. (2008) for shorter
periods in 2004 and 2005. In the present study however,
runoff was derived from the water balance for two periods
in each year, one ending 1 June, which is dominated by
the freshet, and the other ending 1 September, which
includes the inﬂuence of summer rain events. For both
periods, computations of runoff began on the ﬁrst day of
snowmelt at the end of winter. The ﬁnal year of
computation ended 1 September 2010. Using measurements at the instrumented soil pit, the change in depth of
unfrozen moisture in the active layer was computed from:
ΔW ¼ ðRi þ P þ MS þ IM Þ  ðRo þ ET þ IF Þ

ð1Þ

where Ri is subsurface runoff to the pit, and P, MS and IM
are the daily total contributions of water from rainfall,
snowmelt and melt of ice in the active layer respectively.
Ro is the subsurface runoff from the pit, and ET and IF are
the daily losses to evapotranspiration and freezing of
water in the active layer. All terms have units of mm. A
positive ΔW implies a gain in water storage, while a
negative value implies a loss. Equation (1) was rearranged to solve for Ro and thereby obtain estimates of
subsurface runoff from the peat plateau for daily and
Hydrogeology Journal (2013) 21: 201–220

seasonal periods. IF was assumed to be zero during soil
thawing, and Ri was assumed to be negligible given the
location of the pit near the crest of the plateau. With the
exception of ET, the remaining terms were computed on
30-min intervals, and then summed to arrive at daily and
seasonal totals. Neither the water-balance computations
nor the model simulations derived ET independently, and
as a result, the ET ﬂux is included in both the computed
and simulated runoff. However, given that runoff is much
larger than ET at the study site (Wright et al. 2008), it is
thought that the runoff estimates in this study are still
useful for examining possible impacts of permafrost thaw
on plateau runoff.
Based on the spacing of the water-content meters, four
depth ranges were deﬁned: 0 to <0.15, 0.15 to <0.25, 0.25
to <0.35, and 0.35–0.70 m. The proﬁle water content, W,
was obtained from the sum of the unfrozen moisture
depths of the four computational layers:
W ¼ WLð1Þ þ WLð2Þ þ WLð3Þ þ WLð4Þ :

ð2Þ

During soil thawing, the boundary between the frozen
and unfrozen peat can be approximated by the zero-degree
isotherm, i.e. the frost table (Woo 1986). The time when
the frost table reached the depth of each soil thermistor
was recorded, and used to produce a continuous, halfhourly record of frost table depth by interpolation. As the
frost table descended sequentially through each computational layer, its position was used to partition the layer
containing the frost table into the thawed zone above the
frost table, and the frozen zone below it, from:
fth ¼ ðFTint  Ld Þ=Lth ;

ð3Þ

where FTint is the frost table depth of each 30-min
interval, Ld is the depth of the top of the computational
layer below the ground surface, and Lth is the thickness of
the computational layer. The depth of water above and
below the frost table, in the layer containing the frost
table, was computed from Eqs. (4) and (5) respectively:
WLa ¼ fth  Lth  VWCint ;

ð4Þ

WLb ¼ ð1  fth Þ  Lth  VWCPT

ð5Þ

where VWCint is the volumetric water content measured
in each interval, and VWCPT is the volumetric water
content of the layer just prior to thaw. WL for the layer
containing the frost table was then computed from the sum
of WLa and WLb. For layers entirely below the frost table,
W L ¼ Lth  VWCPT , and for layers entirely above the
frost table, W L ¼ Lth  VWCint .
Estimating the amount of water released per unit
increase in frost table depth requires knowledge of the
water-equivalent depth of ice in the active layer prior to
the onset of thaw. The latter was estimated from the
average total (ice + water) moisture content of the two
DOI 10.1007/s10040-012-0935-2
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frozen soil cores sampled from near the Centre pit.
Although these samples of April 2003 were the only ones
taken over the multi-year study period, compared with the
other years, they represented an average late-winter
condition in terms of ice content based on the active layer
moisture content at the end of the previous summer
(Wright et al. 2009; Fig. 6). The water-equivalent depth of
ice released into the active layer per 30-min interval was
computed from:
IMðintÞ ¼ ðVWCint  0:2Þ  ΔFT  0:9;

ð6Þ

where 0.2 represents the average water content of the
computational layers during winter, ΔFT is the change in
frost table depth between successive 30-min intervals, and
0.9 accounts for the difference in volume of ice and water.
The daily contribution of water from the melt of ice in the
active layer IM was computed from the sum of the
difference between consecutive, 30-min computations of
IM(int).

Model simulation of plateau runoff
Subsurface runoff from the study plateau was simulated
using the cold regions hydrological model (CRHM)
platform, a ﬂexible object-oriented modelling system
devised for purposes of simulating the cold regions
hydrological cycle from hillslopes to medium-sized
basins. CRHM has no provision for calibration; parameters and model structure are selected based on the
understanding of the hydrological system. As such, the
model can be used both for prediction and for diagnosis of
the adequacy of hydrological understanding. A full
description of the CRHM platform is provided in Pomeroy
et al. (2007).
CRHM requires that the slope gradient, the overall
active layer thickness, the initial position of the top of the
frozen, saturated layer—approximated by the thawing
front (Quinton and Hayashi 2007)—the initial water
equivalent of the snowpack, and the number of computational soil layers be deﬁned. For each soil layer, key
thermal (i.e. volumetric heat capacity) and physical (i.e.
bulk density and porosity) properties, and initial soil
temperature must be deﬁned. Within each layer, the depth
of water (m) held by surface tension may be set as a
constant value, or may be calculated from the van
Genuchten (1980) expression. Any excess water is
assumed to be available for subsurface drainage.
The initial snow-water equivalent (SWE) for the
snowpack in each year must be deﬁned for each CRHM
run. The model computes the SWE depletion using the
temperature-index approach (Dingman 2002, p. 210),
which is based on the association between cumulative air
temperature and snow melt. CRHM requires that an offset
in temperature and a coefﬁcient be supplied by the user.
For this study, these values were determined by trial and
error until the computed SWE depletion matched the
observed depletion. CRHM uses an analogous method of
computing the ground thaw rate, although cumulative
Hydrogeology Journal (2013) 21: 201–220

ground surface temperature is used instead of the
cumulative air temperature. As for SWE depletion, an
offset and coefﬁcient must be speciﬁed. In the present
study, their values were derived by trial and error until the
match between the measured (Fig. 6c) and computed thaw
was optimised. Although these temperature index methods
used to simulate snowmelt and frost table lowering are
relatively simple, their use has several advantages, since
(1) the present study is focussed on improving the
understanding of subsurface runoff processes, and (2)
index methods enable a close match between the
measured and simulated snowmelt and frost table lowering, and therefore removes the possibility that signiﬁcant
error in the runoff simulations results from the snowmelt
and ground thaw routines.
Running the model required air temperature, ground
surface temperature and rainfall, all of which were
measured at 30-min intervals on the study plateau. All
computations were made on a 30-min time step for a 1-m
wide strip of ground extending ∼20 m (depending on the
year) from the crest of the plateau to its edge with the
adjacent channel fen. The upper boundary of the strip was
the ground surface, and its lower boundary was the
impermeable frost table. In August 2002, the plateau was
39.5 m wide and the modelling strip was taken to be half
this length (i.e. 19.8 m), the approximate distance from the
plateau crest to its edge. A constant hydraulic gradient of
0.019 was used, equal to the average hydraulic gradient
measured between the crest and the edge of the plateau on
30-min intervals over the June–August period in 1999.
These measurements preceded the installation of the
Centre pit, but their location coincided with the modelling
strip used in this study. The same four computational layer
soils layers used for the water-balance calculations were
also used in CRHM.
To capture in a continuous function the high hydraulic
conductivity near the ground surface, its large reduction in
the transition zone, and its low, asymptotic value in the
bottom zone (Fig. 2), the following equation was
proposed:

log KS ðzÞ ¼ log KS btm þ log KS top  log KS btm =½1 þ ðz=ztrn Þn 

ð7Þ
where z [L] is depth below the ground surface, KS top and
KS btm are the hydraulic conductivity [LT−1] of the top and
the bottom of the peat proﬁle, ztrn [L] is the transition
depth, and n is a dimensionless constant governing the
shape of the transition curve (Quinton et al. 2008). The
simulations used the default values of KS top 0360 m d−1,
KS btm 01.4 m d−1, ztrn 00.15 m and n04.3, as deﬁned by
Quinton et al. (2008) for organic soils from Scotty Creek
and other similar sites.
As with the water-balance computations, CRHM was
run for two periods in each year for the period 2002–2010
(except 2009)—one ending 1 June which is dominated by
the freshet, and the other ending 1 September, which
includes the inﬂuence of summer rain events. For both
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periods, the runoff simulations began on the ﬁrst day of
snowmelt at the end of winter. For each year, CRHM was
run three times for both time periods. The initial
simulations for each year assumed that the maximum
end-of-summer thaw depth was 0.7 m, the end-of-summer
thaw depth measured in August 2001 when the Centre pit
was excavated. They also assumed a constant modelling
strip length and hydraulic gradient equal to that measured
in 2002, when the ﬁrst simulations were made. These runs
therefore simulated the plateau runoff assuming there was
no permafrost thaw over the 2001–2010 period of
simulations. In order to quantify the effect of thaw and
subsidence on plateau drainage, the simulations were rerun according to three conditions. Re-run A represented
the year-to-year reduction of the hydraulic gradient
resulting from permafrost-thaw induced subsidence of
the plateau ground surface. Re-run B included changes to
the hydraulic gradient represented in the latter, plus the
observed year-to-year increase of the annual thaw depth.
Finally, re-run C included the changes in hydraulic
gradient and thaw depth represented by B, plus the
observed decrease in plateau surface area. Since the water
ﬂow simulations were made for a 1-m wide strip
extending from the middle of the plateau to the edge of
the fen, only the year-to-year change in the length of this
strip had to be speciﬁed in order to represent the change in
the runoff producing area.

Results and discussion
Active-layer properties
Seasonal liquid moisture dynamics
The subsurface runoff rate from a peat plateau depends
upon the depth of the impermeable frost table, and the
thickness of the thawed, saturated zone that conveys
subsurface runoff from the plateau. That is, the subsurface
runoff rate depends upon the ice and water content of the
active layer. Over the course of a year, the amounts of
water and ice in the active layer vary due to (1) melt or
freezing of in situ moisture, and (2) moisture gains to and
losses from the active layer. Figure 3a depicts the annual
thawing and freezing cycle in the Centre pit at 0.3 m depth
for 2003–2004 with no change in the total moisture
content, except for the 9 August–1 September period
when the volumetric soil moisture fell below saturation.
The FPD was deﬁned as the minimum temperature to
occur during the zero-curtain period. The duration of the
latter was measured as the number of consecutive days
that the average daily temperature at the depth of interest
did not change by more than 0.1 °C. In 2003, the zero
curtain period at 0.3 m depth extended for the 41 days
between 4 November and 14 December (Fig. 4b), during
which time the liquid volumetric moisture content
decreased from 0.7 to 0.43. The FPD of this period was
−0.4 °C, comparable to the average FPD for the 2001–
2010 study period of −0.3 °C, SD00.1, N08. Toward the
end of the zero-curtain period (7 December), the rate of
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reduction in the liquid moisture fraction increased as
indicated by the increased spacing between the daily data
points (Fig. 3a), which corresponds to the change in slope
of the time series of liquid moisture content for 0.3 m
depth shown in Fig. 4c.
Between the minimum average daily temperature of
−6.2 °C and the FPD temperature of ca. −0.3 °C, the
unfrozen moisture content remained near 0.2 (Fig. 4c), the
winter period unfrozen moisture content shown in Fig. 3a.
Laboratory measurements on samples taken from the
Centre pit (Quinton and Hayashi 2007) indicate that 0.2
is the residual moisture value for tension heads greater
than ca. 5 m. Ice in the soil began to melt once the
temperature rose above ca. −0.3 °C, and continued
warming returned the soil to the thawed, saturated state
it was in when it froze the previous autumn (Fig. 3a). The
freezing process followed a similar pattern, whereby
moisture remained in the frozen state until the FPD
temperature was reached. During soil freezing, most of
the decrease in water content occurred in the narrow range
between −0.3 and −0.7 °C, as further cooling below −0.7 °
C had little effect on the water content.
The peat at 0.3 m depth was saturated when it froze in
the autumn of 2003 (Fig. 3a). In other years, the peat at
this depth was unsaturated when freezing; for example,
the unsaturated period of 9 August to 1 September 2004
(Fig. 3a) persisted until the peat froze in the autumn of
that year (Fig. 3b). When the soil thawed in the following
spring (2005), the volumetric soil moisture had risen by
0.1 and returned to saturation. Although no direct
measurements of moisture migration were made over the
winter, the overlying snowpack can be ruled out as the
source of water since no signiﬁcant over-winter melt
events occurred in that year. Likewise, lateral seepage is
unlikely given the position of the Centre pit on the crest of
the plateau. This leaves vertical moisture migration from
lower depths in response to the gradients of temperature
and vapour pressure as the most likely source. The
increase in moisture content between freeze-up and thaw
was greatest at the 0.1-m measurement depth, where, for
over the 2001–2010 period, the average moisture content
at freeze-up (e.g. the moisture content at which the
freezing limb intersects the zero-degree line in Fig. 3)
was 0.41 (σ00.08), but increased to 0.76 (σ00.01) at the
time of thaw. The latter is taken from the stable moisture
content reached generally within 4 or 5 days after the
thawing limb crosses the zero-degree line. The difference
between these values suggests an average over-winter
increase in moisture of 0.34 per volume (σ00.09).
Comparison of Fig. 3a and b indicates some obvious
differences between these two consecutive years. For
example, the minimum temperature during the 2004–2005
annual period of −2.4 °C was approximately 4° warmer
than in the preceding winter, and the zero curtain (24
October–16 November) was 24 days in length and
considerably shorter than in the previous year. These
differences do not appear to have resulted from differences
in air temperature or snow depth. For example, the
average daily temperature for the 1 November to 31
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Fig. 3 The unfrozen volumetric moisture content and soil temperature measured at 0.3 m depth in the Centre pit for a 1-year period
commencing a 1 September 2003 and b 1 September 2004. Grey symbols indicate the zero-curtain period

March period differed by only 0.1 °C between the two
winters. In 2003, the snow pack formed a bit later (23
October) than in 2004 (16 October). Although the daily
average snow depth from the time of formation until 30
November was 21 cm in 2003 and only 6 cm in 2004,
from the beginning of December onward the snowpack
depth of the 2 years was very similar.
A wetter autumn period in 2003 appears mainly to have
affected the onset date and duration of the zero-curtain
period (ZCP). The total August and September rainfall in
2003 was 120 mm but only 32 mm in 2004. As a result
the, freeze-up period in 2003 was relatively wet. The
average unfrozen moisture content in the Centre pit (e.g.
Fig. 4d), for period 1 September to 31 October, was
420 mm in 2003 but only 368 mm in 2004. Therefore, an
extra 52 mm of moisture had to freeze in 2003–2004. This
would account for the later occurrence of the onset of the
zero-curtain in 2003 as more time would have been
Hydrogeology Journal (2013) 21: 201–220

needed to lower the soil temperature to the FPD. The
wetter conditions of 2003 would also account for the
longer duration of the zero curtain period, since a greater
amount of water had to be converted to ice before further
cooling (i.e. below the FPD) could resume. The wetter
active layer during the freezing period of 2003 also meant
that the active layer in that year was more thermally
conductive and therefore better able to lose heat content to
the atmosphere. This may account for the lower annual
minimum temperature of the Fig. 3a. The later occurrence
of this temperature in Fig. 3a (4 March) than in Fig. 3b (1
January) may indicate that the active layer continues to
cool for a longer period when in a relatively wet
condition.
The ca. 7-month snow-covered period in each year
(e.g. Fig. 4a) coincided with the period when soil
temperatures were at or below the FPD temperature
(Fig. 4b). In 2003, for example, ground temperatures at
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Fig. 4 Measurements from the meteorological station and Centre pit for the annual period beginning 1 September 2003. a Air temperature
and snow-water equivalent (SWE); b Soil temperatures from four selected depths; c Unfrozen volumetric moisture content at the same four
depths; and d Unfrozen moisture content of the active layer computed from Eq. 2, assuming an active layer thickness of 0.7 m as measured
in August 2001 when the Centre pit was installed

the four depths plotted in Fig. 4b reached the FPD
between 22 October and 16 November. The duration
of the zero curtain period that followed increased with
depth. For the six measurement depths between 0.05
and 0.3 m, the zero curtain duration ranged from 20 to
47 days. The duration increased to between 63 and
90 days for the four measurement depths between 0.4
and 0.7 m. The increasing duration of the zero-curtain
with increasing depth reﬂected the greater moisture
Hydrogeology Journal (2013) 21: 201–220

contents at depth where more latent energy was
released to complete the freezing process. For example,
based on the difference in unfrozen moisture content
before and after freezing at each depth, the latent
energy released was about 3.6 times greater at 0.3 m
than at 0.1 m for 2003–2004. Regardless of the
moisture content prior to freezing, it decreased to
approximately 0.2 per volume as the soil temperature
lowered to −0.7 °C (Fig. 4c).
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The duration of the zero curtain period also increased
with depth during soil thawing, but the durations were
often shorter. In 2004, the durations increased from 8 days
at 0.05 m to 65 days at 0.7 m (e.g. Fig. 4b). The zero
curtain duration during thawing at 0.3 m depth was
15 days (17–31 May) in 2004 (Fig. 3a) and 30 days (20
April to 20 May) in 2005 (Fig. 3b).Thermal ripening and
melt of the 0.8 m deep (205-mm SWE) snowpack above
the Centre pit began on 28 March 2004 when the air
temperature rose above 0 °C (Fig. 4a). Although the
Centre pit remained snow-covered until 15 May, the
temperature at 0.1 m rose above the freezing point
depression on 11 May, and the unfrozen moisture content
at this depth rose sharply on 1 May. The slightly earlier
rise in the moisture content than the thaw at 0.1 m,
suggests that this depth may have been affected by water
input from an external source, namely meltwater from the
overlying snowpack. For the measurement depths below
0.1 m, the rise in unfrozen moisture content (Fig. 4c)
coincided with the rise in the temperature above the FPD
(Fig. 4b).
The computation of the total unfrozen moisture stored
in the 0.7-m proﬁle indicated that over the course of the
year, there were two distinct levels of unfrozen moisture.
A winter level characterised the 4-month winter minimum
period (e.g. approximately 10 January to 5 May in 2004)
when soil temperatures were below −0.7 °C throughout
the proﬁle, and where the unfrozen moisture content
remained close to 120 mm (Fig. 4d). During summer, the
depth of unfrozen moisture in the proﬁle ranged between
370 and 430 mm. The transition between these two
storage levels was smoothed by the sequential freezing
and thawing of successive depths depicted in Fig. 4c. The
analysis of temperature and moisture variations at the
Centre pit for the other years of this study produced
similar results.

produced an approximately equivalent rise in the water
table. Figure 5a depicts a condition of high subsurface
runoff as the saturated zone was within the zone of
uniformly high KS (Fig. 2) for an extended period.
Despite the relatively deep frost table in late summer, a
water-table rise can be rapid due to the high rate of
percolation through the unsaturated peat to the zone of
high-water content above the water table. The water-table
rise can also be large, due to the relatively low drainable
porosity at depth. For example, prior to the relatively
small (9.3 mm) rainfall of 19 July 2004, the water table
was 0.45 m below the ground surface and the frost table
had already reached the bottom of the Centre pit at 0.7 m
(Fig. 5b). During this 2-h event, the water table rose by
0.16 m, indicating a ﬁeld-based drainable porosity of 6 %,
which is consistent with the drainable porosity measured
in the laboratory (Quinton and Hayashi 2007) on soils
sampled from 0.4 to 0.5 m below the ground surface.
Despite the relatively large water-table rises shown in
Fig. 5b, they were insufﬁcient to displace the saturated
zone above the zone of uniformly low KS. However, the
drainable porosities at these depths are sufﬁciently low
that larger rain events may cause the water table to rise
from an initially deep position into the zone of uniformly
high KS, enabling a large hydraulic response. For
example, in 2010, the 26.8-mm rainfall of 15 July
produced a water-table rise of 18.7 cm from an initial
depth of 27.1 cm (Fig. 5c). The magnitude of that rise is
consistent with the drainable porosity of 15 % measured in
the laboratory (Quinton and Hayashi 2007) for samples
from ∼0.27 m depth. Such storm events produce rapid
runoff from the plateau by displacing the saturated layer
into the zone of uniformly high KS, where KS is two
orders of magnitude higher (Quinton et al. 2008). An
additional 14 mm rainfall on 16 July prolonged the water
table in this highly conductive peat layer (Fig. 5c).

Hydraulic response to rainfall
Given that both the horizontal saturated hydraulic conductivity (KS) and drainable porosity vary with depth
(Quinton et al. 2008), the hydraulic response of a peat
plateau depends upon the vertical position of the thawed,
saturated zone at the time that it receives snowmelt or
rainfall input. This saturated zone, bounded by the water
table and frost table on its upper and lower edges
respectively, descends through the peat proﬁle as the
ground thaws. Figure 5a shows a typical hydraulic
response observed early in the thaw season, shortly after
snow cover removal in 2004 (Fig. 4a), while the upper
0.4 m of active layer was still thawing (Fig. 4b) and
draining (Fig. 4c). The 34-mm event of 25–27 May
commenced with the water table at a depth of ∼0.05 m. At
that depth, the drainable porosity measured in the
laboratory was 50 % (Quinton and Hayashi 2007) and,
therefore, the water-table rise to above the ground surface
(as indicated by an apparent change in slope in the water
level record) was expected (Fig. 5a). The subsequent
12.5 mm that fell onto the ponded water on 27 May

Active-layer change
The permafrost thaw and ground subsidence measured on
the study transect (Fig. 1c) was accompanied by changes
to the active layer measured at the Centre pit, where the
data indicate that active layer moisture (Fig. 6a) and
temperature (Fig. 6b) steadily rose since monitoring began
in August 2001. The greatest increase in moisture was at
0.1 m where with the exception of 2007–2008, the
average value increased with each successive year from
a minimum of 0.26 in 2001–2002 to a maximum of 0.36
in 2009–2010. This is an important observation since
wetter conditions near the ground surface allows for a
more efﬁcient conduction of thermal energy from ground
surface into the active layer. The range in moisture content
at 0.1 m between freeze-up and thaw decreased in each
successive year (except 2004–2005) from 0.45 in 2001–
2002 and 0.22 in 2009–2010. Over these years, the
moisture content that the 0.1 m depth adjusted to within
a few days after it thawed varied over a narrow range of
values close or equal to saturation: 0.74 (2007) to 0.77
(2002 and 2003), with no apparent increase or decrease
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Fig. 5 Water table response at the Centre pit to selected rainfall events in a the early summer of 2004 and the late summer of b 2004 and c
2010

from year to year. However, with the exception of 2005,
the moisture content at 0.1 m at freeze-up (i.e. the
moisture content that intersects the zero-degree vertical
line in Fig. 3b) increased with each year from 2001 (0.32)
to 2010 (0.54). Also, the maximum annual temperature at
the deepest sensor (0.7 m) increased with each successive
year between 2001 (2.0 °C) and 2009 (8.1 °C), followed
by a slight decrease in 2010 (7.5 °C). The soil temperatures also indicate that active layer thaw occurred earlier
in the year as the decade progressed. For example, each of
the four depths shown in Fig. 4b thawed about 20 days
earlier near the end of the study (e.g. 2010) than near the
beginning (e.g. 2002).
As the active layer at the Centre pit (i.e. 0–0.7 m)
warmed over the decade, its liquid-moisture content
increased. For example, the mean annual liquid-moisture
content of the Centre pit increased from 311 mm in 2003–
2004 (Fig. 4d) to 376 mm by 2009–2010 (Fig. 6a).
Likewise, the number of days per year that any depth in
the active layer was thawed and, therefore, able to conduct
subsurface ﬂow increased throughout the decade—for
example, the 0.3 m depth position discussed in relation to
Fig. 3 was thawed and therefore able to conduct water for
141 days in 2003–2004 (Fig. 3a) and 144 days in
Hydrogeology Journal (2013) 21: 201–220

20042005 (Fig. 3b). Over the study period, the number
of days that this depth was thawed and able to conduct
runoff increased from 127 in 2001–2002 to 163 by 2009–
2010.
To investigate this further, thaw curves were plotted for
each year based on the date when the average daily
temperature at each of the 11 thermistor depths in the
Centre pit changed sign from negative to positive
(Fig. 6c). Some degree of shift to earlier thaw dates was
noted as the decade progressed. For example, after the ﬁrst
3 years of study (2002–2004), the date when active layer
thaw reached 0.7 m appears to have shifted to approximately 15 days earlier. The dates of thaw initiation also
generally shifted to the left (i.e. earlier) as the decade
progressed. Over the course of each thaw season, the
thermal gradient driving the thaw process decreases as the
distance between the ground surface and the thawing front
below increases. Despite this, the thaw curves presented in
Fig. 6c appear remarkably unattenuated compared with
thaw curves derived by the authors in other study
locations by the same method (e.g. Quinton et al. 2000,
2005). Hayashi et al. (2007) rigorously tested the thermal
data from the Centre pit by computing the ground heat
ﬂux from the calorimetric, gradient, and ﬂux-plate
DOI 10.1007/s10040-012-0935-2

Author's personal copy
213

Fig. 6 a Mean annual unfrozen soil moisture content at 0.1, 0.2, 0.3 and 0.4 m depths in the Centre pit for each annual period beginning
with 1 September 2001 and ending with 1 September 2010. The mean unfrozen moisture depth of the active layer of 311 mm for the year
2003–2004 is identiﬁed for comparison with Fig. 4d. b The date that the 0.1, 0.2, 0.3 and 0.4 m depths rose above 0 °C in each year of the
study, starting with the spring thaw of 2002. c Soil thaw curves for each year of study. The curves were deﬁned by interpolation between
points representing the date when the average daily temperature at each measurement depth at the Centre pit rose above 0 °C. These dates
are identiﬁed with black dots for 2004. The initial thaw date for each year is also provided (lower left)

methods, all of which compared closely, increasing the
conﬁdence in the data set. The reasons for the apparent
Hydrogeology Journal (2013) 21: 201–220

lack of attenuation in the thaw curves are therefore unclear
and require further investigation.
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Active-layer runoff
The preceding discussion on the thermo-physical properties of the active layer, their control on the hydraulic
response of a peat plateau, and how the active layer is
changing with permafrost thaw provides the wherewithal
for the following examination of how the subsurface
runoff from a peat plateau is affected by on-going
permafrost thaw.

Water-balance computations and simulation
The estimates of plateau runoff from the model simulations
and water-balance computations correspond, both in terms
of their magnitude and ranking. For the period ending 1
June, the year with the highest (2002) and lowest (2003)
runoff corresponded to the years with the highest and lowest
SWE respectively (Fig. 7a). For the remaining years, the
runoff depth prior to 1 June generally increased with
increasing SWE depth (Fig. 7a). For the period ending 1
September, the largest (2007) and smallest (2004) runoff

Fig. 7 The total plateau runoff computed from the water balance
(Eq. 1) and simulated using CRHM for each year of study for the
period ending a 1 June and b 1 September. Standardised major axis
regression models were a Y=0.67X+106.9, P=0.008, R2 =0.72 and
b Y=0.84X+31.5, P=0.001, R2 =0.89
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years corresponded to the years with the largest and smallest
rainfall, while the magnitude of runoff for the remaining
years corresponded with the rainfall depth (Fig. 7b).
The Y-intercept or elevation of the relationship shown in
Fig. 7a differed signiﬁcantly from 0 (1:1 line: Y0X), while
the slope did not differ from 1 (P00.0326 and P00.1098,
respectively; based on standardised major axis regression
analysis), indicating that, overall, simulated plateau runoff
was greater than runoff estimated from the water balance for
the period ending on 1 June. Neither intercept nor slope
differed from that of unity for the period ending on 1
September (Fig. 7b; P00.6424 and P00.2812, respectively).
These differences can be attributed in part to model
assumptions of spatial uniformity of active layer thaw. Field
observations indicate that early in the thaw season, the depth
to the impermeable frost table typically varied by 50 % over
short (∼1 m) distances, and as a result, areas where the
relatively impermeable frost table is close to the ground
surface, may obstruct or re-direct subsurface drainage. The
assumption of spatial uniformity of thaw depth may in part
account for the discrepancy between simulated and computed runoff for the period ending 1 June (Fig. 7a) than in the
period ending 1 September (Fig. 7b), since the variation in
thaw depth is greater early in the thaw period and as a result
so too is the obstruction to subsurface drainage by areas of
shallow thaw and the abstraction of drainage into thaw
depressions (Wright et al. 2009).
Influence of permafrost thaw on plateau runoff
The estimates of plateau runoff presented so far do not
explicitly account for the inﬂuence of permafrost thaw.
Permafrost thaw would affect the amount of plateau runoff
by (1) lowering the plateau ground surface and therefore the
hydraulic gradient driving the subsurface ﬂux, (2) thickening
the active layer which would lower the saturated ﬂow zone
and therefore the subsurface ﬂow rate by decreasing both the
KS and the hydraulic gradient, and (3) reducing the surface
area of the plateau and therefore its runoff producing area.
The inﬂuence of these thaw-induced changes on the plateau
runoff was quantiﬁed by re-running the simulations after
appropriate changes to the model parameters, and then by
comparing the new simulations representing the thawing
condition with the original simulations that assumed no
permafrost thaw or ground surface subsidence. Three model
re-runs were performed for each year so that the effects of the
changes to the hydraulic gradient, thaw depth, and runoff
producing area could be evaluated independently.
The ﬁrst simulation re-run (A) concerned the changes
to the hydraulic gradient only. The initial simulations
assumed a constant hydraulic gradient of 0.019. Re-run A
used the hydraulic gradients measured in 1999 (0.019),
2002 (0.018), 2006 (0.015) and 2009 (0.013), and
interpolated values for the intervening years and for
2010. Re-run B included the hydraulic-gradient changes
represented by re-run A, plus the observed increase of the
annual thaw depth. The original simulations assumed an
annual maximum thaw depth equal to 0.7 m, which was
the depth of the Centre pit excavated and instrumented in
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Augus, 2002 on the crest of the plateau (Fig. 1b).
Although the temperature record at the Centre pit suggests
that the pit thawed more rapidly in the second half of the
decade, there were no direct measurements of frost table
depth at that location due to concerns of disturbing the
buried sensors with the frost probe. According to Fig. 1c,
the thaw depth of 0.7 m at the Centre pit in 2002 was
greater than the average end-of-summer thaw depth of the
measurement transect points until 2005. To account for the
affect of the increasing thaw depth, the lowest of the four
computational layers deﬁned by the 0.35–0.70 m depth
range in the initial run was redeﬁned as 0.35–0.70 m
(2006), 0.35–0.73 m (2007), 0.35–0.77 m (2008), 0.35–
0.94 m (2010) based on the average end-of-summer thaw
depths presented in Fig. 1c. Re-run C included the
changes in hydraulic gradient and thaw depth represented
by re-run B, plus the observed decrease in plateau surface
area. Since the water-ﬂow simulations were made for a 1m-wide strip, extending from the middle of the plateau to
the edge of the fen, only the year-to-year change in the
length of this strip had to be speciﬁed in order to represent
the change in the runoff producing area. The initial
simulations assumed a constant strip length of 19.75 m,
which is half of the plateau width of 39.5 m measured in
2002. For each year after 2002, re-run C deﬁned the strip
length as half of the measured permafrost width presented in
Fig. 1c. Interpolated values were used for 2003 and 2007.
The runoff was computed in units of depth (Fig. 8a and b)
and volume (Fig. 8c and d). The former illustrates the results
of re-runs A and B only, while the volume ﬂux also accounts
for the effect of the observed decrease in plateau surface area
on drainage. Differences between the re-runs and the initial
runs increased year-by-year as the study plateau thawed and
subsided. Differences also increased with time within
individual years and were therefore greater for the period
ending 1 September, since by that time of year, the cumulative
drainage was larger, which proportionately increased the
difference between the initial and re-run simulations. A
summary of the simulation re-runs is given in the following.
Re-run A. Model re-run A indicated that the reduction of the hydraulic gradient produced only a small
decrease in plateau drainage. For example, for the period
ending 1 June 2006, the runoff was only 3 mm lower than
that of the initial (i.e. constant-gradient) simulation,
representing a volumetric reduction of 0.07 m3 (Fig. 8c);
and for the period ending 1 September of that year, it was
only 5 mm (Fig. 8b) lower than that of the initial
simulation, representing a 0.11 m3 reduction (Fig. 8d).
The largest difference between the water ﬂux of the initial
simulations and those of re-run were for the period ending
1 September 2008, and amounted to a difference of only
1.5 %. Across years, for the period ending on 1 September
there was a small but signiﬁcant decrease in re-run A
runoff compared with unthawed conditions (Table 1).
Re-run B. The simulations of re-run B indicated that
the reduction in runoff due to increased ground thaw was
Hydrogeology Journal (2013) 21: 201–220

larger than that resulting from the decreased hydraulic
gradient alone. By 2010, the decrease in runoff for the
period ending 1 September was 4 mm due to the
hydraulic-gradient reduction and 27 mm due to increased
thaw, suggesting that the effect of increased thaw depth on
runoff is more than six-times greater than that of the
hydraulic gradient reduction. However, even the combined
effect of increased thaw and decreased hydraulic gradient
reduced the runoff of the initial run by 7 % (Fig. 8b).
Across years, for the period ending on 1 September,
differences between re-run B runoff compared with
unthawed conditions were signiﬁcant only in the summer
for both volumetric and total run-off calculations
(Table 1).
Re-run C. These ﬁnal runs demonstrated that the
year-by-year reduction in the plateau runoff producing
area had the largest impact on plateau drainage. For the
period ending 1 September 2010, the combined effect of
permafrost thaw (i.e. reduced hydraulic gradient, increased
thaw depth and loss of runoff producing area) reduced the
plateau discharge by 4.0 m3 to approximately half the
value (47 %) of the initial run (Fig. 8d). Of this reduction
in drainage volume, 3.38 m3 was due to the loss of the
plateau surface area. Across years, total runoff was
signiﬁcantly reduced for runs ending in both June and
September, while these differences only became apparent
for volumetric measures in September (Table 1).
Although Fig. 8 provides some insight into how
permafrost thaw reduces the plateau drainage, there are
other hydrological consequences of permafrost thaw
worth noting. For example, permafrost thaw also changes
the temporal pattern of the runoff. The hydrograph peaks
of re-run C in the early part of the record (i.e. April and
May) rose to only about half the height of those simulated
by the initial run (Fig. 9). During the June to August
period, when the saturated ﬂow zone (depicted in Fig. 2)
occupied the zone of uniformly low KS, the hydrograph
rises of re-run C were far more subdued than those of the
initial run for that period.
The model simulated the gradual year-to-year change
of the ground thaw regime and the effect on the total
subsurface drainage. However, changes to the active layer
and its thaw regime (Fig. 6) could inﬂuence the temporal
pattern of plateau runoff. For example, the more gradual
thaw regimes of the ﬁrst 3 years of this study (2002, 2003,
2004) would have kept the subsurface ﬂow zone closer to
the ground surface (where KS is relatively high) for longer
periods than in later years, thereby allowing relatively
high rates of subsurface ﬂow for extended periods. To
investigate the impact of the ground thaw rate on the
temporal runoff pattern, the initial simulation for the
period ending 1 September 2010 was re-run using the
lower thaw rate of 2004. Runoff commenced on 14 April
for the initial simulation, but was delayed until 27 April
when the 2004 thaw data were used (Fig. 9). The ﬂow rate
of the re-run based on 2004 thaw data was also higher but
the two rates became indistinguishable by approximately
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Fig. 8 Simulated runoff using CRHM for constant conditions of hydraulic gradient, end of summer thaw depth, and plateau surface area deﬁned for the
initial CRHM runs in 2002, plotted with the simulated runoff for three conditions that represent the effects on drainage of the permafrost thaw that has
occurred since the initial runs. These conditions include the measured decrease in hydraulic gradient (re-run A; represented as A in the ﬁgure); a decrease
in hydraulic gradient and measured increase in end-of-summer thaw depth (re-run B; represented as B); the decrease in hydraulic gradient, increase in endof-summer thaw depth, and measured decrease in plateau surface area (re-run C; represented as C). The 1:1 line indicates the runoff that would occur
without any permafrost-thaw-induced changes to drainage. a is the total runoff depth for the period ending 1 June; b is the total runoff depth for the period
ending 1 September; c is the total volume ﬂux for the period ending 1 June; and d is the total volume ﬂux for the period ending 1 September
Table 1 Paired t-test results comparing unthawed conditions to model
re-runs A, B and C. Model re-run A corresponds to a change in hydraulic gradient alone, re-run B includes both change in hydraulic gradient and active layer thickening, while re-run C also includes reduction
in peat plateau area. Spring and summer seasons correspond to model
runs which ended on 1 June and those that ended on 1 September,
respectively. Asterisks indicate signiﬁcant differences
Model re-run

Season

Measurement

t-value

P-value

A
A
A
A
B
B
B
B
C
C
C
C

Spring

Volumetric
Total runoff
Volumetric
Total runoff
Volumetric
Total runoff
Volumetric
Total runoff
Volumetric
Total runoff
Volumetric
Total runoff

1.67
1.82
3.35
4.04
1.67
1.82
2.53
3.16
1.67
3.55
2.53
3.75

0.1395
0.1114
0.0150*
0.0068*
0.1395
0.1114
0.0446*
0.0196*
0.1395
0.0093*
0.0446*
0.0095*

Summer
Spring
Summer
Spring
Summer
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10 July (Julian Day 192), by which time the thaw curves
of both 2004 and 2010 were close to or below the bottom
of the Centre pit (Fig. 6c). The total discharge by 1
September for the re-run using the 2004 thaw data
(8.38 m3) was only slightly lower than for the initial run
(8.56 m3) due to the delay in runoff response.

Error and uncertainty
For unfrozen conditions, the accuracy of the water content
meters is expected to be ±2 %, as they were calibrated for
the peat soils at the study-area plateau. It is difﬁcult to
estimate the magnitude of errors associated with deriving
the total (i.e. frozen and unfrozen) water in the Centre pit;
however, given uncertainties resulting from dividing the
Centre pit into computational layers, estimating the
position of the freezing front by interpolation from soil
temperature data, the assumption of peat saturation below
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Fig. 9 Hydrographs from the study plateau simulated using CRHM for 2010. Figure 7b indicates that, relative to the other years, 2010 had
an intermediate total runoff by 1 September. Here, the ﬁgure shows the hydrograph for re-run C, as well as the initial run. The hydrograph
was produced when the initial simulation for 2010 was re-run using the thaw pattern measured in 2004

the freezing front, and uncertainty regarding over-winter
moisture redistribution processes, an error of ±20 % is
reasonable. Based on the error estimates of individual
water-balance components, and given that some errors
may cancel each other over the periods of computation,
it was expected that the runoff computed from the water
balance may have an error of ±20–30 %. Since neither
the water-balance computations nor the CRHM simulations explicitly computed the evaporative ﬂux, and
since runoff from the study plateau in 2004 and 2005
was between 2.9 and 4.3 times greater than the
evaporative ﬂux (Wright et al., 2005), runoff in the
present study may be over estimated by 23–34 %. The
large depth-variation of Ks (Fig. 2) introduces additional
uncertainty (approximately±20 %) to the CRHM simulations of runoff when the saturated ﬂow zone occupies
transition between high and low Ks zones (Fig. 2), since
CRHM uses a single average value of Ks to compute
ﬂow. Further error may be introduced by the possibility
that peat properties such as the hydraulic conductivity
may have changed over the study period due to
subsidence.
Using a single-instrumented soil pit to derive
runoff from water-balance computations introduces
uncertainty regarding how well the Centre pit represents the overall plateau. However, as noted in the
preceding, the addition of 15 soil pits for 2005
(Wright et al. 2008) indicated very little difference in
moisture contents of the Centre pit and the average
of the 15 other soil pits. The observed water levels in
the Centre pit are plotted, along with model-simulated water level, in Fig. 10 for the years when
automated measurements were recorded. The temporal pattern of ﬂuctuations is similar (Fig. 11);
however, the simulated water levels were often 10
or more cm below the observed water table. As a
result, there were extended periods in each year when
CRHM computed runoff using a lower value of Ks
(Fig. 2) than expected given the often higher position
of the observed water table. However, the seasonal
total-runoff values presented for the two computational periods in Fig. 7a and b do not show the
Hydrogeology Journal (2013) 21: 201–220

simulated runoff to be persistently lower. Figure 10b
plots the average and range of water-table depths
measured at the additional 15 soil pits used in 2005.
The data for the sample of 5 days plotted in the
ﬁgure indicates that, for the most part, both the
simulated and observed water tables fall within the
range of observed water-table depths measured at the
15 soil pits throughout the plateau. Figure 11 uses
2004 for a more detailed comparison of CRHM
simulations compared with ﬁeld observations. The
simulated snowmelt and thaw curves for each year
matched closely with the measured values, since they
were computed using temperature index coefﬁcients
determined by trial and error until a good match was
obtained.

Conclusions and recommendations
The total moisture content in the upper 0.4 m of the
active layer increased during winter months and was
greatest at 0.1 m, where the average over-winter
increase for the 2001–2010 period was 0.34 per
volume (σ00.09). This migration of moisture toward
the 0.1-m-depth position during winter produces a zone
of high ice-content near the ground surface, a process
that appears to prime the active layer for rapid
transmission of water early in the thaw period when
the snowmelt water supply is large and the water table
perched above the relatively impermeable frost table
occupies the zone of uniformly high KS.
On average, over the 2001–2010 study period, ground
freezing and thawing commenced at a FPD of ∼−0.3 °C at
the −0.3 m depth. Regardless of the moisture content prior to
freezing, it decreased to a constant of ∼0.2 per volume as the
soil temperature lowered to −0.7 °C. For each year of study,
two distinct levels of unfrozen moisture were evident for the
0.7-m-deep Centre pit: a ∼4-month winter minimum period
when soil temperatures were below −0.7 °C throughout the
proﬁle, and the unfrozen moisture content was relatively
constant at 120 mm; and a summer level when the entire 0–
0.7 m proﬁle was thawed and the depth of unfrozen moisture
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Fig. 10 Observed (Centre pit) and simulated (CRHM) water tables for the years when measurements were recorded. For 2005 (b), the
range and average water-table depths of the 15 additional wells are plotted for ∼5-day intervals

in the proﬁle ranged between 370 and 430 mm. The proﬁle
was in transition between the two moisture regimes during
the thawing and freezing zero-curtain periods. The duration
of the zero curtain periods increased with depth, and for the
autumn of 2003, it ranged from 20 days at 0.05 m to 90 days
at 0.7 m; during soil thawing in 2004, the zero curtains lasted
between 8 days at 0.05 m and 65 days at 0.7 m.
Hydrogeology Journal (2013) 21: 201–220

The runoff response of a plateau depends on which of
the three zones of KS the water table is displaced into.
This in turn depends on the magnitude of input, the watertable depth position prior to the input, and the drainable
porosity at that depth. A rapid runoff response is generated
if the water table is displaced into the zone of uniformly
high KS. There is evidence that permafrost thaw has
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Fig. 11 Observed (Centre pit) and simulated (CRHM) snow-water equivalent (SWE) depth, thaw depth and water-table position for a
period in the summer of 2004

affected the hydraulic response of the peat plateau. For
example, the moisture and temperature of the active layer
steadily rose with each year since monitoring began in
August 2001. The largest increase in liquid-moisture content
was at 0.1 m, where at the time of freeze-up, the moisture
content increased from 0.32 in 2001 to 0.54 in 2010. This
suggests a greater time requirement to freeze the active layer
in the fall and to thaw it in the spring. However, in spite of
this, thaw of the 0.1–0.4- m-depth range occurred about
20 days earlier by the ﬁnal year of the study than in 2002,
suggesting greater energy availability for thaw, greater
thermal conduction of the upper active layer, or both. Earlier
thaw of the active layer affects plateau runoff, since the frost
table (and therefore the subsurface ﬂow zone) would fall
below the zone of uniformly high KS earlier in the thaw
period, and, therefore, a greater magnitude of input would be
required to raise the water table back into the high KS zone
and generate a rapid runoff response. However, such a
condition would be relatively short-lived if permafrost thaw
continues to the point that the plateau is transformed into a
wetland (i.e. bog or fen), since the water table in wetlands
remains at or near the ground surface.
Permafrost thaw reduced runoff from the peat plateau
by (1) lowering the hydraulic gradient driving the
subsurface ﬂux, (2) thickening the active layer, and most
importantly by (3) reducing the surface area of the plateau.
By 2010, the cumulative permafrost thaw had reduced the
plateau efﬂux to 47 % of what it would have been had
there been no change in hydraulic gradient, active layer
thickness and plateau surface area since 2002.
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